Oceanic Anoxic Event 2 (OAE 2), occurring ~94 million years ago, was one of the most extreme carbon 28 cycle and climatic perturbations of the Phanerozoic Eon. It was typified by a rapid rise in atmospheric 29 CO2, global warming, and marine anoxia, leading to the widespread devastation of marine ecosystems. 30
mechanism proposed to explain transiently light δ 34 SCAS values during the PCE (15, 35) . This additional 279 supply of isotopically heavy U to the ocean would act to amplify the δ 238 Usw increase due to the 280 decrease in anoxic sinks, and could further explain the faster response compared to TMredox. It is also 281 atmosphere system that augments the decrease in 12 C-enriched carbon burial during the PCE 290 reoxygenation episode, thereby accelerating the development of the δ 13 C 'trough' of the PCE. Despite 291 this minor negative excursion, relatively elevated δ 13 C values occur throughout the entire OAE 2 292 interval owing to the slower dynamics of the relatively large carbon reservoir. 293
Wider Implications for OAEs. Characterizing the timing, duration and extent of oceanic anoxia 294 during OAE 2 is fundamental to understanding the driving mechanisms of these extreme perturbations 295 to the carbon cycle and climate system. In an attempt to replicate the distribution of anoxia indicated 296 by local redox proxies, Earth System modelling suggests 50% of the global ocean volume was dysoxic 297 or anoxic (9) whilst the shale-derived δ 238 U estimate suggests only 1-2% of the seafloor was overlain 298 by anoxic waters (14) . By contrast, the new carbonate-derived δ 238 U dataset presented here provides 299 a better systematic resolution of the timing and magnitude of ocean deoxygenation ( Fig. 1) , suggesting 300 that between 8% and 15% of the seafloor was overlain by an anoxic water column. This reconstruction 301 is in close agreement with recent estimates from thallium isotopes (60) and is compatible with 2-5% 302 of seafloor being euxinic, based on modelling of the sulfur-and molybdenum-isotope systems (15, 46, 303 61) , as this extreme chemical state would only make up a fraction of the total anoxic ocean, and δ 238 U 304 does not discriminate between anoxic and euxinic redox states. The importance of differentiating 305 these two redox states is increasingly being recognized for periods of expanded anoxia (e.g. 62). 306
Crucially, the high resolution of the δ 238 Ucarb data uniquely resolves at least two fluctuations between 307 episodes of globally expanded and contracted anoxia during the traditionally defined OAE 2 interval. 308
Such findings are likely applicable for other OAEs where there are suggestions of local redox and 309 temperature variability, such as the Aptian OAE 1a (1).contributory deoxygenation mechanisms, including the inverse relationship between temperature 314 and O2 solubility, or changes in O2 supply through variable ocean ventilation rates (9). We suggest that 315 these additional mechanisms are of second-order importance to changes in terrestrial weathering for 316 driving OAE 2, although they could help refine our understanding of the precise temporal and 317 geographical distribution of oceanic redox changes. 318
In summary, the coupled geochemical and modelling approach adopted here for OAE 2 allows 319 for an internally consistent examination of global-scale deoxygenation during carbon cycle 320 perturbation events. The new U-isotope dataset highlights globally significant oscillations in oceanic 321 redox conditions within the traditionally defined OAE 2 interval that are closely coupled to changes in 322 global temperature and hydrological regime. The C-P-U model successfully reproduces the trends in 323 (7202) Existing models assume that weathering is predominantly biotic by the mid-Cretaceous and therefore 724 f(CO2) is the response of vegetation (rather than abiotic weathering) to CO2 following Michaelis-725
Menten kinetics (after GEOCARB III). Here, CO2 concentration is given in PAL, representing multiples 726 of present atmospheric level: 727
The proportion of inorganic carbon that resides in the atmosphere as CO2 scales with total ocean-729 atmosphere inorganic carbon inventory (A) 730
The effect of changes in CO2 and solar luminosity on temperature (from GEOCARB III) is: 732 T = kCO2*ln(CO2) -kSL*(t/570) (7) 733 where kCO2 = 4C (corresponding to a present-day climate sensitivity of about 2.8C for doubling CO2) 734 and kSL = 7.4C for t in millions of years ago, which gives ~1.2C cooling at 94 Ma due to lower solar 735
luminosity. 736
The dependence of weathering on temperature neglects temperature-driven changes in runoff and 737 only considers the kinetic effect of temperature on mineral dissolution, which using an activation 738 energy appropriate for granite is given by: 739 f(T) = exp(0.09*T) The ocean P balance is given by: 756 Iron oxide-bound P burial is also sensitive to the anoxic fraction of the ocean: 764 FFeP = kFeP*(1-fanoxic) (15) 765 Calcium-bound phosphorus burial is assumed to scale with P input to sediments from sinking organic 766 matter (with no redox dependence): 767 FCaP = kCaP*(P/P0) (16) 768 The function defining the fraction of seafloor overlain by anoxic waters, fanoxic, adopts a logistic 769 functional form dependent on the balance between normalized oxygen demand (kU*(P/P0)) and 770 normalized oxygen supply (O2/O20), where kU represents the efficiency of nutrient utilization in 771 upwelling regions: 772 fanoxic = 1/(1+e -kanox*(ku*(P/P0)-(O2/O20)) ) (17) 773 across a range of models (9, 59, 71, 72 ) that a transition from an oxic to an anoxic deep ocean occurs 775 at O2/O20 ~0.5 PAL (for present nutrient levels), or at P/P0 ~2 (for present O2 levels). kanox = 12 is chosen 776 based on observations that ~0.2-0.3% of the seafloor is overlain by anoxic bottom waters at present 777 (73), and model agreement that the transition from oxic to anoxic conditions is abrupt as, for example, 778 O2/O20 drops from ~0.6 to ~0.4 (9, 59, 72) . 779
We make a simple consideration of the effect of increases in atmospheric O2 by integrating any 780 increases in organic-carbon burial above the initial steady state to give a cumulative input of O2, 781 calculating the resulting change in O2/O20 (where the present O20 = 3. Where 'f' is the fraction of carbon buried in organic form i.e. f = F org /F in = F org /(F org + F carb ). For the
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The U-cycle model assumes that the riverine input of U is driven by silicate weathering, all U sinks 803 scale linearly with U concentration, the hydrothermal sink of U also scales with degassing from 804 seafloor spreading (D), and the anoxic sink of U also scales with fanoxic, the fraction of anoxic seafloor: 805 symbols. The behaviour of the C and P cycles can be divided into three stages related to the 1001 development of anoxia: i) the onset of deoxygenation; ii) peak extent of anoxia; and iii) 1002 reoxygenation. C and P fluxes are separated and the arrows highlight the behaviour of each flux 1003 across the three stages. Specifically, a decoupling of [P] and P inputs (FwP) in stage (ii) is related to 1004 changes in the C/P ratio and burial of organic bound P (ForgP) and Fe bound P (FFeP). The minor 1005 increase in atmospheric O2, due to the burial of organic carbon, is also shown. These internal P 1006 dynamics create the delay in the maximum extent of anoxia compared to the atmospheric CO 2 1007 increase and also facilitate reoxygenation as CO2 decreases. Geochemical data for South Ferriby as used in Fig. 1 
